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A B S T R A C T

The large variability in Fe isotope ratios of sedimentary rocks (particularly those from the Archean and Prote-
rozoic) contrasts with that of igneous rocks, which display a much more limited range in values. Notably, among
igneous rocks, those inferred to form via partial melting of siliciclastic sediments – strongly peraluminous
granites (SPGs) – exhibit greater variability in their Fe isotope compositions, suggesting SPGs may capture
isotopic variations in the sedimentary record. However, the extent and mechanisms of iron isotope fractionation
between SPGs and their source remain poorly understood. Our study integrates iron isotope analyses with
petrological modeling to investigate equilibrium isotopic fractionation during generation of SPG magmas. As a
case study, we focus on the Neoarchean Ghost Lake Batholith and the adjacent metasedimentary rocks in
Ontario, Canada. These units represent an internally differentiated SPG batholith and metamorphosed sedi-
mentary rocks interpreted as the source of the batholith.
We measured δ56Fe compositions of SPG samples, metasedimentary rocks, and a restitic rock. Sulfide grains

were also measured in four metapelite samples and a granite sample. We find no correlation between the δ56Fe
composition of metasedimentary rocks and their metamorphic grade, indicating iron isotopes behave as a closed
system during metamorphism. Modeling results show that iron isotopes in SPGs from the Ghost Lake batholith
are consistent with equilibrium fractionation during biotite dehydration melting, with predicted δ56Fe values for
melts and restitic assemblages mainly controlled by the source composition. Our results predict negligible iso-
topic fractionation between the residue and the source, whereas ~0.177–0.277‰ is expected between SPG melts
and the residue, accounting for high δ56Fe values in granite samples. Lower δ56Fe values may indicate that some
granites represent mixtures of melt and cumulus material or result from assimilation of restite or source/host
rock. However, despite deviations from pure equilibrium fractionation, the variability in δ56Fe values for SPGs is
about one order of magnitude smaller than that seen in the sedimentary record for the Archean and Proterozoic
(~0.2‰ vs. >2‰). We posit that this narrower range of isotopic variation in SPGs results from metamorphism
and partial melting, which can homogenize large isotopic variations in sedimentary protoliths. Thus, SPGs
represent reliable archives for the bulk iron isotope evolution of siliciclastic sedimentary rocks through time.

1. Introduction

Numerous studies have examined iron isotopes in sedimentary rocks
to probe variations in the marine Fe cycle due to the sensitivity of this
system to variations in dissolved O2 and S concentrations (e.g., Johnson
et al., 2003, 2008; Matthews et al., 2004; Rouxel et al., 2005; Yamaguchi
et al., 2005; Hofmann et al., 2009; Bekker et al., 2010; Planavsky et al.,

2012; Busigny et al., 2014; Marin-Carbonne et al., 2014, 2020; Yoshiya
et al., 2015b; Heard et al., 2020; Ostrander et al., 2022; Dupeyron et al.,
2023). Variability of several permil in δ56Fe (where

δiFeunknown =
[
( iFe/54Fe

)

unknown
/( iFe/54Fe)standard − 1] × 103) has been

documented in bulk-rock analyses and mineral separates (e.g., Rouxel
et al., 2005; Dauphas et al., 2017; Heard and Dauphas, 2020; Ostrander
et al., 2022; Dupeyron et al., 2023; Fig. 1a). In particular, temporal
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trends in iron isotope ratios of sedimentary rocks and pyrites have been
widely interpreted to reflect the evolution of the global oceanic Fe cycle
and its relationship to changes in atmospheric oxygenation through time
(Beard and Johnson, 2004; Dauphas et al., 2004, 2017; Johnson et al.,
2004; Rouxel et al., 2005; Anbar and Rouxel, 2007; Planavsky et al.,
2012; Busigny et al., 2014; Ostrander et al., 2022; Dupeyron et al.,
2023).

One complexity that arises in interpreting Fe isotope compositions
from sedimentary rocks is comparing data from different scales of
analysis (i.e., bulk-rock, bulk-mineral, or in-situ mineral). For example,
most studies have focused on bulk-rock δ56Fe compositions (e.g., Mat-
thews et al., 2004; Yamaguchi et al., 2005; Johnson et al., 2008; Fabre
et al., 2011; Busigny et al., 2014; Heard et al., 2020; Ostrander et al.,
2022) or bulk mm-scale pyrite grains extracted from their matrix in
sedimentary rocks (e.g., Rouxel et al., 2005; Archer and Vance, 2006;
Hofmann et al., 2009). Recognizing that this latter approach can intro-
duce sampling bias towards visible pyrite grains, other studies have
conducted in-situ analyses of pyrites at the micron scale (e.g., Yoshiya
et al., 2012, 2015a, 2015b; Marin-Carbonne et al., 2014, 2020; Agangi
et al., 2015; Dupeyron et al., 2023). These latter studies have demon-
strated large and constant ranges of δ56Fe values in pyrite, ranging from
around − 4 to +4 ‰ through geologic time (Dupeyron et al., 2023;
Fig. 1a). Thus, the scale of isotopic variability in sedimentary rocks may
be on the inter- or even intra-mineral scale and analyses of mineral
separates or in-situ analyses will not necessarily be representative of
bulk-rock compositions.

Furthermore, bulk-rock samples from individual Precambrian sedi-
mentary formations can have δ56Fe values that vary by >1 ‰ (e.g.,
Yamaguchi et al., 2005; Johnson et al., 2008; Bekker et al., 2010; Fabre
et al., 2011; Busigny et al., 2014; Heard et al., 2020; Ostrander et al.,

2022), reflecting the relative proportions of isotopically distinct mineral
components. Detrital and authigenic silicates, which typically dominate
siliciclastic rocks, are expected to have δ56Fe values averaging zero,
similar to that of near-modern loess, river loads, and marine sediments,
as well as the average of igneous rocks (Beard and Johnson, 2004;
Yamaguchi et al., 2005; Dauphas et al., 2017; Slotznick et al., 2018;
Fig. 1b). In contrast, sulfide-rich rocks can have highly variable iron
isotope compositions. For example, Archean bulk sediments, largely
influenced by pyrite-rich black shales, display prominent excursions
toward negative δ56Fe values (Rouxel et al., 2005; Yamaguchi et al.,
2005; Ostrander et al., 2022; Dupeyron et al., 2023; Fig. 1a).

Given the inherent variability and complexities of the sedimentary
iron isotope record, this work focuses on strongly peraluminous granites
(SPGs), derived from partial melting of siliciclastic sediments. SPGs are
defined by their bulk-rock chemistry, with aluminum saturation values
(ASI = molar Al2O3/[CaO + Na2O + K2O]) greater than 1.1, and are
often informally referred to as “S-types” (Chappell and White, 1992;
Clarke, 2019; Nabelek, 2020; Bucholz, 2024). Because SPGs homogenize
their sedimentary source material, they may represent a complementary
archive to siliciclastic rocks, potentially recording significant changes in
global cycles and geological processes throughout Earth’s history (e.g.,
Bucholz and Spencer, 2019; Bucholz et al., 2020; Liebmann et al., 2021;
Bucholz, 2022). It is important to note, however, that unlike chemical
sediments, which may reflect changes in ocean chemistry over time, the
iron isotope composition of SPGs will also be influenced by the
composition of detrital sediments sourced from proximal continental
settings.

Before being able to potentially use SPGs to track changes in the bulk
Fe isotopic composition of sedimentary rocks, it is critical to understand
whether metamorphism and partial melting of metasedimentary rocks

Fig. 1. Iron isotope compositions of the main sedimentary reservoirs (a) and different types of igneous rocks (b). a) Violin plots show compiled data of iron isotope
compositions for bulk sediments (green), iron formations (yellow), and pyrite grains (in-situ: dark blue; bulk: dark light blue) in time-bins of 250 Ma. Most data for
iron formations and pyrite comes from previous compilations by Heard and Dauphas (2019) and Dupeyron et al. (2023), updated with additional measurements from
Fabre et al. (2011), Heard et al. (2020), and Ostrander et al. (2022). Bulk sediments include measurements of shales and greywackes from Yamaguchi et al. (2005),
Heard et al. (2020), and Ostrander et al. (2022) b) Proterozoic to Phanerozoic granites (sensu lato: SiO2 > 66 %; S-type (red) I-type (yellow), and A-type (green) reach
higher δ56Fe values than more mafic rocks (Poitrasson and Freydier, 2005; Heimann et al., 2008; Telus et al., 2012; Sossi et al., 2012; Foden et al., 2015, 2018; He
et al., 2017; Liang et al., 2022; Liou et al., 2022; Ma et al., 2022; Zhang et al., 2023). Abyssal peridotites, representative of the mantle of mid-ocean ridge basalts
(MORB), have δ56Fe of 0.025‰ ± 0.025‰ (Craddock et al., 2013), whereas MORBs display a more homogeneous composition of 0.105‰ ± 0.006‰ (Teng et al.,
2013). Ocean island basalts (OIB) have δ56Fe ranging from 0.05 to 0.18‰ (Teng et al., 2013), and island arc basalts (IAB) vary between − 0.133 and 0.133‰ (Sossi
et al., 2016
Source).
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fractionate iron isotopes and, if so, to what extent? Here, we investigate
the fractionation of iron isotopes during partial melting of metasedi-
mentary rocks and how this process is imprinted in the isotopic signa-
ture of SPGs through analysis of natural samples capturing this process
and associated modeling. First, we measured the iron isotope composi-
tion of the SPGs from the Neoarchean Ghost Lake batholith (GLB) in
Ontario, Canada, and associated metasedimentary rocks from the Zea-
land unit, thought to be representative of its source. We then used
thermodynamic phase equilibrium modeling to assess the extent of
equilibrium isotopic fractionation during partial melting of the meta-
sedimentary source and production of SPGs and compare this to our
data. We discuss the influence of various factors, such as the source rock,
fO2, P–T conditions, mineral composition changes, and the melt fraction,
on the isotopic composition of the melts fromwhich the GLB crystallized
and assess whether SPGs faithfully record the iron isotope composition
of their metasedimentary source rocks.

2. Fe isotopes during metamorphism and generation of SPG
magmas

Currently, there are only limited SPG Fe isotope data, comprising a
broad survey of Paleozoic SPGs mainly from Australia and Tasmania (n
= 15; Foden et al., 2015), as well as a more focused study on migmatites
(n = 11; six leucosomes and five melanosomes) and granites (n = 11)
from the Paleoproterozoic Harney Peak granite in South Dakota (Telus
et al., 2012). SPGs (and granites in general) have heavy and variable
iron isotope compositions compared to more mafic igneous rocks, with
δ56Fe in SPGs up to +0.32 ‰ (Telus et al., 2012; Foden et al., 2015;
Dauphas et al., 2017; Bucholz, 2024; Fig. 1b). Several mechanisms have
been proposed to explain the heavy isotopic composition of granites;
however, most studies point to equilibrium fractionation during frac-
tional crystallization or partial melting, producing isotopically light
cumulates or restites and heavy granitic melts (e.g., Schuessler et al.,
2009; Telus et al., 2012; Sossi et al., 2012; Foden et al., 2015, 2018).
Dauphas et al. (2014) found that the mean force constants for iron in
silicate glasses increased with higher SiO2 contents and Fe3+/ΣFe ratios
(i.e, Fe3+/(Fe3+ + Fe2+)). These relationships imply that the magnitude
of isotopic fractionation in silicate melts also increases as melts become
more SiO2-rich, reflecting changes in the average coordination of iron
with higher degrees of polymerization. Thus, highly differentiated
melts, such as those from fractional crystallization or low degrees of
partial melting, should be isotopically heavier than less polymerized
melts at a given oxidation state.

When considering SPGs specifically, however, if and how meta-
morphism and anatexis of metasedimentary rocks fractionate iron iso-
topes have yet to be thoroughly explored. The effects of metamorphism
prior to anatexis have received more attention since most Precambrian
sedimentary rocks have experienced some metamorphism (Marin-Car-
bonne et al., 2020; Dupeyron et al., 2023), which may affect the asso-
ciated iron isotope record. In general, it is expected that, as temperature
increases, variability in δ56Fe between minerals will diminish (Dauphas
et al., 2007a, 2007b). Frost et al. (2007) and Hyslop et al. (2008), for
example, showed that at low metamorphic grades, banded iron forma-
tions preserve large inter-mineral isotopic variations, but at higher
grades, isotopic ratios are homogenized. However, complete isotopic re-
equilibration may not occur for all minerals during metamorphism.
Studies focusing on pyrite across various metamorphic grades, for
example, reveal persistent intra-sample variability in δ56Fe values from
prehnite-pumpellyite to amphibolite facies (Whitehouse and Fedo,
2007; Galić et al., 2017; Marin-Carbonne et al., 2020; Dupeyron et al.,
2023). Regardless of whether inter-mineral homogenization occurs or
not, metamorphism of sedimentary rocks can generally be considered a
near-closed system process, at least in terms of Fe isotopes, where the
isotopic composition of the protolith is preserved by bulk rocks (e.g.,
Frost et al., 2007; Dauphas et al., 2007a, b; Hyslop et al., 2008; Marin-
Carbonne et al., 2020; Dupeyron et al., 2023). This means that

prograde metamorphism should preserve the bulk isotopic composition
of the protolith, even if original isotopic variations are erased due to
isotopic homogenization or mineral transformations occurring during
metamorphism.

Significant isotopic fractionation may, however, occur between the
melt and the residual sedimentary source upon crossing the solidus.
Production of SPGmagmas dominantly occurs via dehydration reactions
that produce melt and residual minerals with varying compositions as
melting progresses (Thompson, 1982; Le Breton and Thompson, 1988;
Patiño Douce and Beard, 1995; Patiño Douce and Harris, 1998; Syl-
vester, 1998; Spear et al., 1999). Telus et al. (2012) used the Harney
Peak granite migmatites as a natural experiment to investigate this
process. They measured five leucosome-melanosome pairs and two
samples each of the Harney Peak granite and host-rock schists. They
found that the δ56Fe of the leucosomes, representative of migmatite
partial melts, were elevated by 0.05–0.20 ‰ compared to their mela-
nosome pairs, suggesting an equivalent magnitude of fractionation be-
tween partial melt and residue during anatexis. The δ56Fe values of the
leucosomes (+0.246 to +0.480‰) were higher by 0–0.2‰ than that of
the two analyzed Harney Peak granite samples (+0.161 ± 0.052‰ and
+0.240 ± 0.041‰). No other study of natural samples representing the
partial melting process of metasedimentary rocks has been undertaken.
However, Xu et al. (2017) measured the iron isotope composition of
migmatitic rocks from the Dabie orogen, China, likely derived from a
dioritic to granodioritic protolith (Wang et al., 2013). The observed iron
isotope fractionation between leucosomes and melanosomes from these
rocks ranges ~0–0.36 ‰, with leucosomes displaying higher δ56Fe
values than melanosomes. Their results suggest significant equilibrium
isotopic fractionation produced during partial melting, controlled
mainly by differences in the iron bonding environment in granitic ana-
tectic melts and complementary restites.

The extent of equilibrium isotopic fractionation during partial
melting of metasedimentary rocks and generation of SPGs can be
calculated using melting reactions and iron force constants for iron-
bearing phases relevant to the generation of magmas via high-grade
metamorphism and partial melting (e.g., Dauphas et al., 2014; Nie
et al., 2021; Polyakov et al., 2007; Roskosz et al., 2022, 2015). Such
phases include silicate melts, biotite (annite), garnet (almandine), spinel
(aluminum-bearing and magnetite), ilmenite, and orthopyroxene. Nie
et al. (2021) produced a simplified model of biotite dehydration melting
where 75 % of the iron produced via biotite breakdown entered garnet
and the remaining 25 % entered the melt. They estimated the δ56Fe of
the producedmelt to be 0.2–0.3‰ higher than the residue, in agreement
with the empirical study of Telus et al. (2012). Anatexis is, however, a
complex process where mass transfer is controlled by metamorphic re-
actions driven by changes in the equilibrium state of the system. Thus,
more complex models incorporating changes in phase stability and
composition along metamorphic paths are needed to capture iron
isotope fractionation during partial melting more accurately. For
example, the modal abundances of a phase, the amount of iron hosted in
it, and the iron oxidation state are a function of the pressure (P), tem-
perature (T), water content, and oxygen fugacity (fO2) of the system, and
all these variables influence the magnitude of iron isotope fractionation
between minerals and melt.

To address the complexities of metamorphism and partial melting,
we use a modeling approach that couples iron force constants with
predicted stable phase assemblages under specific P-T-fO2 conditions.
This method effectively accounts for isotopic fractionation along a given
metamorphic path, where continuous changes in phase compositions
and proportions influence the iron bonding environment. In this study,
we specifically apply this model to Fe isotopic fractionation between
SPG magmas from the Ghost Lake batholith and its adjacent metasedi-
mentary rocks, interpreted as the source of the batholith. We use this site
as an ideal natural example where both SPGs and their protolith are
preserved, allowing us to validate the model against actual Fe isotope
measurements. However, while the results presented herein are
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particular to the Ghost Lake batholith, the findings have broader im-
plications for other SPGs across the geological record.

3. Regional geology

The Ghost Lake batholith and Zealand unit are part of the Sioux
Lookout terrane in the Superior Province, Canada (Fig. 2). which lies at
the boundary between granitic rocks of the Winnipeg River subprovince
to the north and metavolcanic rocks from the Wabigoon subprovince to
the south (Blackburn et al., 1991; Breaks and Moore, 1992). The sedi-
mentary protoliths of the Zealand unit were turbiditic greywackes and
mudstones and minor banded iron formations deposited ~2730–2700
Ma in an arc-proximal basin (Davis et al., 1988; Breaks and Moore,
1992). These sediments were later metamorphosed during the collision
of the Wabigoon and Winnipeg River subprovinces, resulting in exten-
sive melt production that produced the GLB (Breaks and Moore, 1992),
which has a crystallization age obtained via U-Pb zircon geochronology
at 2654 ± 24 Ma (Liebmann et al., 2021). Peak metamorphic conditions
have been estimated to reach ~0.3–0.4 GPa and ~550–750 ◦C (Breaks
and Moore, 1992; Bucholz et al., 2020); however, rocks in the Zealand
unit include a range of metamorphic facies, ranging from greenschist to
upper-amphibolite facies with zones of incipient migmatization. Spe-
cifically, at the contact between the Zealand unit and the Wabigoon
subprovince, the metamorphic grade is defined by the biotite-chlorite
isograd, and it progressively increases to the north through the iso-
grads of andalusite, garnet, sillimanite, and sillimanite–K-feldspar
proximal to the GLB (Breaks and Moore, 1992). Migmatization and
incipient partial melting of the Zealand unit are common at the west and
northwest contacts with the GLB but absent at the east and south of the
batholith (Bucholz et al., 2020).

Variability in mineral abundance and igneous textures defines eight
subunits within the GLB (Breaks and Moore, 1992; Bucholz et al., 2020).
The largest subunit, GLB-1, is a biotite and biotite-cordierite granite
containing two elongated zones with abundant enclaves, identical to
high-grade metamorphic rocks of the Zealand unit. GLB-2 is located at
the western part of GLB-1, close to the contact with partially melted
metasedimentary rocks from the Zealand unit. It consists of distinctive
fine-grained, weakly deformed biotite granite dikes. GLB-3 is a ~25 × 2

km strip along the southern contact of the GLB with the Zealand unit.
This subunit consists of fine-grained biotite and muscovite granite with
occasional accessory garnet and sillimanite. Segregations of leucogran-
ite and K-feldspar-bearing pegmatites are ubiquitous within GLB-3.
Finally, GLB-4 to -8 are restricted to the eastern portion of the GLB.
These subunits form a complex of pegmatitic tourmaline + muscovite
granites that lack metasedimentary enclaves. Overall, the western and
central parts of the GLB are weakly deformed, with foliation decreasing
toward the east, where the batholith appears more massive and
commonly preserves magmatic foliation. A detailed study of the geology
and geochemistry of the units that compose the GLB is provided in
Breaks and Moore (1992).

4. Methods

4.1. Sample preparation

Granites (n = 11), metasedimentary rocks from all metamorphic
grades (n = 11), and one restite from the GLB and Zealand unit were
selected for whole-rock major and trace element chemistry and Fe
isotope measurements. The initial sampled material consisted of several
rock fragments (3–10 per sample), each weighing ~1–5 kg, collected in-
situ. Notably, for coarse-grained granite and pegmatite samples, either a
greater number or larger volume of fragments were collected to account
for their larger grain sizes. Rock powders for some of the samples studied
here (n = 9) were prepared for X-ray fluorescence (XRF) analysis and
reported in previous studies (i.e., Bucholz and Spencer, 2019; Bucholz
et al., 2020). These powders were reused for Fe isotope measurements,
and the whole-rock compositional data was taken from the original
study (given in Supplementary Table S1). We prepared the remaining
samples for which powders and XRF analyses were unavailable,
following the procedure described below.

Only homogeneous rocks free of significant alteration or contami-
nation were selected for Fe isotope analysis. Using a rock saw with a
diamond blade, the samples were trimmed into cm-scale pieces to
remove any altered surfaces. The cut rock pieces were then sanded to
remove saw marks and sonicated in deionized water. After drying,
samples were broken into 1–2 cm pieces with a rock hammer and further

Fig. 2. Geological map of the Sioux Lookout terrane (Ontario, Canada, see inset a) in the region of the Ghost Lake batholith (GLB) and associated metasedimentary
rocks corresponding to the Zealand unit (b). The map is modified from Breaks and Moore (1992) and Bucholz et al. (2020).
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reduced to a grain size of 2–3 mm using a jaw crusher. Aliquots of
~50–100 g were typically taken from each sample. However, for coarse-
grained granite and pegmatite samples, larger aliquots of ~200 g were
collected to ensure representative sampling. Finally, after thorough
homogenization, smaller aliquots of ~40 g were powdered in an agate
grinding vessel with a ball mill.

Pyrrhotite grains were also separated from some samples to assess
the effect of sulfides on the Fe isotopic composition of bulk-rock meta-
pelites and granite samples. About 100–200 g sample powder was ob-
tained by crushing cm-scale chips in an agate mortar. A pool of weakly
magnetic grains was separated from the powder, and sulfide grains were
manually picked under the microscope. 3–8 grains per sample with sizes
<500 μm were then sonicated in DI water for five minutes to remove
minute particles attached to them.

4.2. Whole-rock and trace-element analysis

The major element composition of granites and metasedimentary
rocks was determined by XRF analysis at Caltech. Powdered samples
were dried at 110 ◦C overnight, and loss on ignition (LOI) was deter-
mined by sintering the dried powders for one hour at 1050 ◦C. The
sintered powders were then homogenized with an agate mortar and
pestle and fused into glass discs using platinum crucibles and molds. The
glass discs were analyzed for major elements using a Panalytical Zetium
4 kW XRF spectrometer using the same analytical conditions described
in Bucholz and Spencer (2019). After XRF analyses, chips of the glass
discs were digested in acid and analyzed for trace element concentra-
tions via inductively coupled mass spectrometry (ICPMS), also at Cal-
tech (Lewis et al., 2021).

4.3. Fe isotope measurements

Whole-rock Fe isotope measurements were performed at the Iso-
toparium (Caltech) following the methods of Dauphas et al. (2004,
2009). Between 5 and 20 mg of sample powder was transferred to acid
cleaned Teflon (PFA) vials. To monitor accuracy, USGS reference rock
powders (geostandards) AGV-2 and BHVO-1 with known Fe isotope
compositions (Craddock and Dauphas, 2011) were processed and
analyzed alongside the samples. Samples were digested in the Teflon
vials using concentrated mixtures of acid on hot plates: i) 1.5 mL of 2:1
HF-HNO3 for 5 h at 100 ◦C; (ii) 1.25 mL of 3:1 HCl-HNO3 (aqua regia)
overnight at 140 ◦C; (iii) 1.5 mL of 2:1 HCl-HNO3 overnight at 140 ◦C;
(iv) 1 mL HCl at 180 ◦C for 48 h. Each digestion step was followed by
thorough drying with open vials at 120–130 ◦C. The final dried samples
were then dissolved in 0.5 mL of 6 M HCl for Fe separation via column
anion-exchange chromatography.

Bio-Rad Poly-prep columns were filled with ~1 mL of BioRad AG1-
X8 200-400 resin conditioned by following to the procedure outlined
by Dauphas et al. (2004). The samples were then loaded into the col-
umns where the matrix and interfering elements were eluted by passing
9 mL of 6 M HCl. The concentrated Fe in the columns was recovered in
Teflon beakers with 8 mL of 0.4 M HCl. This process was repeated after
sample evaporation and dissolution in 0.5 mL of 6 M HCl. The eluted
solutions were then evaporated and refluxed overnight in concentrated
HNO3 at 140 ◦C. Samples were evaporated again to a small drop (<25
μL) and finally dissolved at 130 ◦C in 5 mL of 0.3 M HNO3 for isotopic
analyses.

Fe isotope ratio measurements were performed on a Thermo Scien-
tific NeptunePlus Multi-Collector Inductively-Coupled-Plasma Mass-
Spectrometer (MC-ICP-MS). High-resolution mode was used to resolve
mass interferences between Fe and argides. A standard Ni sampler and
Ni H-type skimmer cones were used along with a static cup configura-
tion that enabled simultaneous measurement of masses 53–60. This
mass range included all four Fe isotopes, as well as 53Cr, 55Mn, 59Co, and
60Ni. Interferences caused by 54Cr on 54Fe and 58Ni on 58Fe were cor-
rected by measuring 53Cr and 60Ni isotopes. Sufficient separation of Fe

from matrix elements during column chemistry was validated by
monitoring 55Mn and 59Co, and Mn/Fe and Co/Fe ratios were always
below 3 × 10− 6 and 7 × 10− 7, respectively. Each Faraday cup was
assigned 1011 Ω feedback resistors, with the exception of the 60Ni (H4-F)
cup, which utilized a 1012 Ω resistor to improve Ni isobaric interference
corrections. Amplifier gain calibration was performed at least weekly.

Samples and standard solutions were introduced into the mass
spectrometer as an aerosol at a nominal flow rate of 50 μL/min using a
PFA nebulizer coupled with a glass spray chamber. The solutions were
diluted to 5 μg/g in 0.3 M HNO3, which resulted in beam intensities of
20–25 V on 56Fe: a sensitivity of 4–5 V/ppm of Fe. To monitor system
memory effects of the sample introduction system and establish base-
lines, on-peak-zeros (OPZ) were acquired before all unknown and
standard solution measurements. These measurements involved a 90 s
sample uptake and 40 s on-peak acquisition, using a clean acid solution
from the same batch used to dilute the samples. The typical background
intensity recorded was ~10− 5 V on 56Fe.

Isotopic fractionation due to instrumental shift was corrected by
standard bracketing, using the IRMM-524a metallic iron standard as
reference material. The standard solution was diluted in the same batch
of acid as the unknown samples and geostandards at a concentration of 5
μg/g concentration (±5 %). Sample measurement procedure consisted
of a 90 s sample uptake, followed by 50 cycles of data acquisition, each
with an integration time of 4.192 s, which yields 210 s of continuous on-
peak measurement. After each measurement, the inlet systemwas rinsed
for 120 s using 3 vol% HNO3. Along with the unknown samples, one of
the two geostandards was measured within each analysis session.

Each reported sample composition is the arithmetic mean of n rep-
licates measured during the same analysis session (typically between 5
and 9). The analytical uncertainties reported here are 95 % confidence
intervals calculated as 2× σstd/

̅̅̅
n

√
, where σstd is the standard deviation

of repeat measurements of the IRMM-524a standard bracketed by itself
during the session (Dauphas et al., 2009). This approach provides an
accurate estimate of variability across the entire analysis session.
However, for reference, we also calculated uncertainties as two times
the standard error (SE), where SE is calculated as σsample/

̅̅̅
n

√
. These es-

timates were lower or similar to the uncertainties estimated using the
bracketing standard, indicating consistent measurements during indi-
vidual sample analyses.

All the collected iron isotope data were expressed relative to IRMM-
524a in delta notation in terms of δ56Fe and δ57Fe. We measured the iron
isotope composition of IRMM-524a using the well-characterized IRMM-
014 reference material as the bracketing standard (Taylor et al., 1992).
The average δ56Fe and δ57Fe obtained were +0.005 ± 0.018 ‰ ‰ and
− 0.003± 0.026‰, respectively (n = 59), confirming that IRMM-524a is
isotopically identical to IRMM-014 within analytical uncertainty
(Craddock and Dauphas, 2011). We subsequently discuss our results
using only δ56Fe, since all data are mass-dependent (i.e., δ57Fe = 1.5 x
δ56Fe; Supplementary Fig. S1).

4.4. Phase equilibrium modeling

Phase equilibrium modeling was used to estimate mineral and melt
proportions and compositions during partial melting. The calculations
were performed using the software Theriak-Domino at fixed pressures of
0.3 and 0.4 GPa and a temperature range of 600–1000 ◦C. We used the
compositional system MnO-Na2O-K2O-CaO-FeO-MgO-Al2O3-SiO2-H2O-
TiO2-O2 (MnNKCFMASHTO), which is appropriate for partial melting of
metasedimentary rocks (White et al., 2014b). The thermodynamic
dataset we selected includes the internally consistent database of
Holland and Powell (2011) and activity-composition (a-x) relations
appropriate for typical stable phases during anatexis of metapelites:
biotite (Bt), garnet (Grt), cordierite (Crd), orthopyroxene (Opx), chlorite
(Chl), and staurolite (St) (White et al., 2014b), silicate melt (Melt) and
white mica (Ms) (White et al., 2014a), ilmenite-hematite (Ilm-Hem)
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(White et al., 2000), spinel-magnetite (Spl-Mag) (White et al., 2002),
plagioclase (Pl) and K-feldspar (Kfs) (Holland and Powell, 2003), and
epidote (Ep) (Holland and Powell, 2011). Pure phases include quartz
(Qtz), rutile (Rt), titanite (Ttn), sillimanite (Sil), andalusite (And),
kyanite (Ky), and hydrous fluid (H2O). The mineral abbreviations herein
are from (Warr, 2021).

We focused on partial melting occurring at minimally saturated
water conditions (~0.5 mol% H2O at the solidus), which avoids un-
constrained overestimation of the melt fraction with fluid-present
melting. However, phase equilibrium calculations were also conducted
under water-undersaturated and water-excess conditions for reference.
We performed calculations with oxygen fugacity buffered at FMQ+2,
FMQ, and FMQ-2, where FMQ corresponds to the fayalite-magnetite-
quartz buffer. Because the a-x model for silicate melt has no ferric
iron component, we independently estimated the Fe3+/ΣFe proportion
of the calculated melt phase using the algorithm from Kress and Car-
michael (1991). We note that different models have been proposed for
the estimation of Fe3+/ΣFe ratios in silicate melts based on their
composition (e.g., Kress and Carmichael, 1991; Borisov et al., 2015;
O’Neill et al., 2018), but none of these have been calibrated for felsic
systems. We preferred the Kress and Carmichael (1991) parametrization
as, unlike the other models, all the required chemical components are
included in the melt a-x relationships from White et al. (2014a).

4.5. Isotopic fractionation during partial melting

Quantitative estimates of isotopic fractionation due to partial
melting were calculated using phase equilibrium modeling. For each Fe-
bearing phase predicted to be in equilibrium at a given temperature, a
force constant [F] was assigned a constant value or calculated using a
composition-dependent expression compiled from the literature (see
Table 1). Since no force constants have been measured for cordierite, we
assumed the same value as that of biotite without ferric iron since both
are aluminosilicates with mostly Fe2+ (Fe3+/ΣFe < 0.1) accommodated
in octahedral sites in reduced granites and (meta-)sedimentary rocks
(Guidotti and Dyar, 1991; Khomenko et al., 2001; Bucholz et al., 2018).

A bulk value of [F] for the residue was calculated as the weighted
average of all solid phases, using the formula

∑n
i Fi × pi, where Fi and pi

are the force constant and molar proportion of phase i, respectively, and
n is the number of iron-bearing phases in the system at a given tem-
perature. For solid solutions phases whose force constant is defined for
one of the endmembers, their molar proportion was adjusted to the
content of that endmember in the phase. For instance, if biotite and
garnet are present at 70 mol% and 30 mol%, respectively, with 60 %

annite in biotite and 80 % almandine in garnet, the recalculated pbiotite
and pgarnet would be 64 % and 36 %, respectively. From [F]melt and
[F]residue, the fractionation factor between coexisting melt and solid
residue (Δ56Femelt− residue) was then obtained over the temperature in-
terval of interest in terms of delta notation using the expression from
Dauphas et al. (2014):

Δ56Femelt− residue = δ56Femelt − δ56Feresidue = 2853×
[F]melt − [F]residue

T2
(1)

The values for δ56Femelt and δ56Feresidue were then calculated
assuming mass balance in a closed system.

5. Results

5.1. Petrography and geochemistry

5.1.1. Granites
Bulk-rock major and trace elements and petrographic descriptions

for granitic samples are given in Tables S1 and S2, respectively. The
location from which these samples were collected is shown in Fig. 2b.
The granite samples vary between medium- to coarse-grained granites
(sensu stricto) and pegmatitic granites with variable proportions of K-
feldspar, quartz, and plagioclase and other Al-bearing phases such as
garnet, tourmaline, sillimanite, cordierite, biotite, or muscovite. The
granite samples from the GLB are strongly peraluminous, with all sam-
ples displaying ASI values higher than ~1.1. On an anhydrous basis, the
silica contents and total alkalis (Na2O + K2O) range ~72–76 wt% and
~6–10 wt%, respectively. Also, samples are alkali-calcic to alkalic with
the modified alkali-lime index (MALI; Na2O + K2O – CaO; Frost et al.,
2001) varying between ~4–9 wt% and K2O/Na2O ratios ~0.5–2.5.
FeOT + MgO + TiO2 values for most granite samples vary between
0.7–1.8 wt% (FeOt = FeO + 0.9⋅Fe2O3), however the cordierite-bearing
sample SP-16-19 has 4.2 wt%. This sample also has higher ASI and lower
MALI values than other samples (1.47 and 3.80, respectively) and higher
Na2O/K2O (2.4 compared to <1.5 in other samples). In general, the
granite samples from the GLB show medium to low CaO/Na2O and in-
termediate to high Al2O3/TiO2 compared to other peraluminous granites
(Fig. 3a). The Al2O3/TiO2 and CaO/Na2O ratios are inversely correlated,
and the selected samples from the GLB follow a trend similar to that of
other Archean and Proterozoic strongly peraluminous granites (Fig. 3a).

5.1.2. Metasedimentary rocks
Bulk-rock major and trace elements and petrographic descriptions

for metasedimentary samples from the Zealand unit are also summa-
rized in Tables S1 and S2. These rocks include micaceous phyllites from
the biotite-chlorite zone, quartz-feldspathic schists with biotite± garnet
from the andalusite and garnet zones, quartz-feldspathic gneisses with
biotite, muscovite, sillimanite ± andalusite from the sillimanite and
sillimanite–K-feldspar zones, the latter of which shows evidence of
incipient partial melting. The SiO2 and Al2O3 of the analyzed meta-
sedimentary rocks range ~54–64 wt% and ~16–22 wt%, respectively,
with more pelitic samples having lower SiO2 and higher Al2O3 (Fig. 4).
However, the metasedimentary rocks broadly contain intermediate
molar Al2O3 compared to a global compilation of pelitic rocks (Forshaw
and Pattison, 2022; Fig. 4a–b). For most samples, FeOT and MgO con-
tents are positively correlated and vary between ~5–9 wt% and ~2.5–4
wt%, respectively, following the trend defined by the global compilation
of metapelites. The two exceptions are samples SP-16-11 and SP-18-27,
with high FeO contents (10.9–12.3 wt%), reflecting the presence of
abundant sulfide grains in the former and ilmenite in the latter.

5.2. Iron isotopes

Fig. 5 and Table 2 summarize the iron isotope measurements for the

Table 1
Force constants for Fe-carrying phases.

Phase Force constant (N/m) Method Reference

Silicate melt
[

199+
41

1+ e34− SiO2

]

×

(

1 −
Fe3+

ΣFe

)

+ 351×
(

Fe3+

ΣFe

)

NRIXS (Dauphas et al.,
2014)

Biotite (Annite)
188 + 59.4×

(
Fe3+

ΣFe

) NRIXS (Nie et al., 2021)

Garnet
(Almandine)

110 NRIXS (Nie et al., 2021)

Cordierite 188 – Same as biotite
with no Fe3+/
ΣFe*

Ilmenite
133×

(

1 −
Fe3+

ΣFe

)

+ 244×
(

Fe3+

ΣFe

)

NRIXS (Nie et al., 2021)

Spinel
196 + 104×

(
Fe3+

ΣFe

) NRIXS (Roskosz et al.,
2015)

Orthopyroxene 177 NRIXS (Dauphas et al.,
2012)
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granite, metapelite, restite, sulfide, and geostandard samples. The
measured δ56Fe values for geostandard samples are identical, within
uncertainty, to the reference values recommended by Craddock and
Dauphas (2011). Granite samples have δ56Fe values spanning +0.111 ±

0.018‰ and+0.315± 0.038‰, averaging+0.192‰. Overall, granites
are isotopically heavier than the average of the metapelites, although
there is some overlap in the lower end of the granite δ56Fe values
(Fig. 5). Notably, the granite samples from the inclusion-rich zone in
GLB-1 tend to be isotopically heavier with δ56Fe ranging from+0.194 to
+0.315 ‰. No apparent correlation exists between granite units and
measured δ56Fe values (Fig. 5).

The δ56Fe of the metasedimentary samples ranges from − 0.188 ±

0.023 ‰ to +0.191 ± 0.035 ‰, averaging +0.101 ‰ (or +0.130 ‰
when excluding SP-16-11). Although there is no correlation between
measured δ56Fe compositions and increasing metamorphic grade
(Fig. 5), it is noteworthy that the two samples from the sillimanite zone
have the heaviest isotopic composition. In contrast, samples from the
garnet zone display the lowest δ56Fe values. SP-16-43 and SP-16-44
represent an andalusite-bearing interbedded metapelite and meta-
wacke, respectively, with incipient replacement of andalusite by silli-
manite. The two samples were sampled within a meter of each other and
have, within error, the same isotopic composition: δ56Fe +0.191 ±

0.035 ‰ and +0.189 ± 0.037 ‰, respectively. The samples from the
garnet zone were interbedded with banded iron formations in the Zea-
land unit. These samples show δ56Fe ranging from − 0.188 to +0.114‰,
where sample SP-16-11 has the lightest isotopic composition, δ56Fe =

− 0.188 ± 0.023 ‰, consistent with the presence of abundant isotopi-
cally light sulfides (see sulfide results below), while the other two
samples, SP-18-26 and SP-18-27, have δ56Fe of +0.004 ± 0.043‰ and

+0.114 ± 0.035‰, respectively. Samples SP-18-5, SP-18-6, and SP-18-
8, from the biotite–chlorite zone, show a 0.08 ‰ range in δ56Fe with
values of +0.166 ± 0.044‰, +0.086 ± 0.044‰, and +0.134 ± 0.038
‰, respectively. By contrast, SP-16-16 and SP-18-34, from the
sillimanite–K-feldspar zone, and SP-16-37, from the andalusite zone,
display isotopic compositions intermediate to the range observed in the
biotite-chlorite zone with δ56Fe +0.119 ± 0.037‰, +0.144 ± 0.017‰,
and +0.147 ± 0.018‰, respectively. Finally, the restitic sample SP-16-
30 has δ56Fe = 0.000 ± 0.043‰.

Sulfide grains display significant isotopic variability among samples.
The lightest composition corresponds to pyrrhotite in sample SP-16-11
with δ56Fe of − 0.337 ± 0.025 ‰. By contrast, pyrrhotite in metapelite
samples SP-16-16, SP-18-26, and SP-18-27 have δ56Fe of +0.198 ±

0.044 ‰, +0.364 ± 0.044 ‰, and +0.337 ± 0.044 ‰, respectively.
Finally, granite sample SP-16-20a has pyrrhotite with a δ56Fe of +0.109
± 0.025‰.

5.3. Phase equilibrium modeling

Fig. 6 shows the results of phase equilibrium calculations for sample
SP-16-16 within a temperature range of 600–1000 ◦C and constant
pressure of 0.4 GPa, interpreted to be the approximate peak pressure of
metamorphism for the metasedimentary rocks that comprise the Zea-
land unit. Sample SP-16-16 was selected for modeling as it is a repre-
sentative composition of the metasedimentary rocks of the Zealand Unit
(Fig. 4). The modeling results described here are relevant for closed
system conditions (batch melting), where all the stable phases are in
equilibrium with each other at any given temperature. Modeling results
at different conditions of the system are presented and discussed in the
Supplementary Material. This includes results at 0.3 GPa (Fig. S2) and
initial H2O contents corresponding to water-undersaturated and water-
excess conditions at the solidus (Fig. S3). We also include results for
partial melting considering melt extraction each time the system
reached a critical melt fraction of 7 vol% (Fig. S4).

Phase stability is similar between the FMQ-2 and FMQ model runs,
with only minor variations in stability fields and higher Fe3+/ΣFe for
phases incorporating ferric iron in the FMQ model (Fig. 6a–f). For
simplicity in the discussion, we consider the model results run at FMQ-2
and FMQ first and discuss the results of the model run at FMQ+2 later.
Under these lower oxygen fugacity conditions, partial melting starts
with H2O release from biotite dehydration at ~670 ◦C, which reacts
with quartz and plagioclase to produce melt (Spear, 1993). Production
of melt via this reaction is minimal, and iron concentrations in the
produced granitic melt are low (<~0.25 wt% on an anhydrous basis). At
~700 ◦C, melting continues via the reaction:

Bt+ Sil+Qtz = Melt+ Crd+ Kfs± Ilm (2)

which takes place until sillimanite is exhausted at ~725 ◦C. During this
melting interval, most of the iron is accommodated in cordierite,
ilmenite, and biotite, and only a negligible amount is transferred to the
melt. From ~725–750 ◦C, a small quantity of melt is produced due to
plagioclase reaction with quartz. Then, at ~750 ◦C, garnet is introduced
to the mineral assemblage via the reaction:

Bt+Qtz+Pl = Melt+Grt+Crd+ Ilm (3)

Reaction (3) proceeds until ~810 ◦C, increasing the amount of melt
to ~30 mol% and transferring ~5 % of the bulk Fe in the system to the
melt. Finally, orthopyroxene becomes stable in the residual assemblage
at 815 ◦C, and the melt fraction increases to ~36 mol% when biotite is
quickly consumed through reaction (4):

Bt+Qtz+Grt = Melt+Opx+Crd+ Ilm (4)

For temperatures above 815 ◦C, melt and orthopyroxene are steadily
produced by feldspar reaction with quartz and garnet. Then, at ~930 ◦C,
spinel becomes stable, and the melt-producing reaction rapidly

Fig. 3. Major and trace element ratios for samples from the GLB. Filled red
circles are individual granite samples. The light gray circles correspond to
compositions from a global compilation of Archean and Proterozoic SPGs by
Bucholz and Spencer (2019). a) CaO/Na2O versus Al2O3/TiO2 and b) Rb/Ba
versus Al2O3/TiO2.

J.D. Hernández-Montenegro et al.



Geochimica et Cosmochimica Acta 380 (2024) 112–130

119

consumes quartz and garnet until garnet runs out at ~950 ◦C. Melt and
spinel then continue to be produced through the reaction of orthopyr-
oxene with plagioclase, reaching a total melt fraction of ~80 mol% with
~55 % of Fe in the bulk system residing in the melt at 1000 ◦C
(Fig. 6a–f).

The subsolidus mineral assemblage and initial melting reaction for
the most oxidized model (i.e., FMQ+2) are the same as for lower oxygen
fugacity calculations. At ~720 ◦C, melt is produced through reaction (1)
until sillimanite is entirely consumed at ~730 ◦C. The formation of
spinel (magnetite) and ilmenite at ~725 ◦C quickly consumes biotite
and increases the rate of melt production. Biotite readily disappears at
~825 ◦C when orthopyroxene joins the mineral assemblage via reaction
(4), with the proportion of melt increasing to ~30mol%. Orthopyroxene
and melt are then produced by the reaction of feldspar with quartz,
magnetite, and cordierite, which eventually consumes all the available
quartz and K-feldspar. Melt generation continues at the expense of
plagioclase and orthopyroxene, reaching ~80 mol% melt at 1000 ◦C
(Fig. 6g–i).

The subsolidus equilibria and partial melting products at a constant
pressure of 0.3 GPa closely resemble those predicted at 0.4 GPa, with the
most notable differences related to cordierite and garnet stability. At 0.3
GPa, the stability field of cordierite extends to temperatures below the
solidus, replacing sillimanite and increasing its modal proportion rela-
tive to other iron-bearing phases. The main partial melting reaction can
be written as follows:

Bt+ Crd+Qtz± Pl = Melt+ Kfs± Grt± Ilm (5)

which proceeds until biotite is exhausted at ~790 ◦C. Notably, reaction
(5) produces only a small amount of garnet, which is quickly consumed
by reaction (4) before biotite depletion. While reactions (4) and (5) in-
crease the melt fraction from ~10 mol% to ~30 mol% between
~780–790 ◦C, less than ~5 % of the bulk Fe in the system is in the melt.
Melt production then continues via the reaction of feldspar with quartz,

where orthopyroxene and cordierite are the peritectic phases. When
quartz is used up at ~835 ◦C, melt is produced by reaction between
feldspar and orthopyroxene, with cordierite remaining relatively stable.

5.4. Equilibrium fractionation of iron isotopes

Since the phase relationships for a system with oxygen fugacity
conditions varying from FMQ-2 to FMQ are nearly identical, the lines
defined by the resulting fractionation factors between the melt phase
and complementary residual solid vs temperature trajectories are almost
parallel across the whole temperature range considered (Fig. 7). The
model run at FMQ is offset ~0.04 ‰ towards higher Δ56Femelt-residue
relative to FMQ-2 due to the greater proportion of Fe3+ in the melt. By
contrast, the fractionation factors vs temperature trajectories for melts
produced at the FMQ+2 buffer only parallels the more reduced models
at the onset of partial melting (Fig. 7). At the solidus, the estimated
Δ56Femelt-residue values are ~+0.225, ~+0.290, and ~+0.450‰ for the
FMQ-2, FMQ, and FMQ+2 models, respectively. These values then
decrease nearly monotonically until garnet enters the mineral assem-
blage at ~750 ◦C (Fig. 7). From this temperature, the increase in
Δ56Femelt-residue reflects the continued loss of biotite from the solid
assemblage and the increasing modal proportion of garnet ([F]= 110 N/
m) relative to biotite ([F] > 188 N/m). With biotite exhausted, the
modeled Δ56Femelt-residue drops by ~0.03 ‰ and then decreases at a
constant rate from~815 ◦C to ~930 ◦C. Garnet is consumed when spinel
joins the mineral assemblage, and cordierite and orthopyroxene
decrease their proportions, further decreasing melt-residue fraction-
ation (Fig. 7).

In contrast, for the model run at FMQ+2, sillimanite replacement by
cordierite coincides with ilmenite and spinel joining the mineral
assemblage, while biotite is rapidly consumed (Fig. 7). This results in an
abrupt transition to lower Δ56Femelt-residue values, which decrease at a
relatively constant rate due to the replacement of biotite by orthopyr-
oxene at ~825 ◦C and a decrease in the modal abundance of magnetite

Fig. 4. Compositional features of metasedimentary rocks from the Zealand unit. Filled orange circles are individual samples. The shaded regions are data points from
a global compilation of metapelites from Forshaw and Pattison (2022). (a) AFM ternary diagram — A = molar Al2O3 – 3*K2O; F = molar FeOt; M = molar MgO. (b)
AKF ternary diagram — A = molar Al2O3 – (Na2O + K2O + CaO); K = molar K2O; F = molar FeOt + MgO+MnO. (c) FeOT versus MgO. (d) Al2O3 versus SiO2.
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(modeled as an endmember of the spinel solid-solution). Finally, the
Δ56Femelt-residue gradually decreases for temperatures above ~825 ◦C
since the distribution of solid Fe-bearing phases remains relatively
constant at these temperatures.

6. Discussion

6.1. Iron isotopes in the metasedimentary source rock

Mineral heterogeneity in the sedimentary protolith (e.g., relative
abundance of clay versus feldspars) of the Zealand unit metasedi-
mentary rocks can be translated into variable isotopic compositions
uponmetamorphism, which in turn can be transferred to the melt during
anatexis. Indeed, the Zealand unit metasedimentary rocks display a
range of isotopic compositions consistent with the variability in the GLB
samples. However, the relationship between the mineralogy and iso-
topic composition of the Zealand unit samples is complex and particular
to each sample. For instance, sample SP-16-11 has the lowest δ56Fe,
resulting from its high modal proportion (~10–15 %) of pyrrhotite with
δ56Fepo = –0.337 ± 0.025‰, which is also reflected in a high FeO/MgO
compared to other metapelites (Fig. 4c). Sample SP-18-27 also has
elevated FeO/MgO, consistent with abundant ilmenite observed in that
sample; however, ilmenite drives this sample towards a positive bulk
δ56Fe value (+0.114 ± 0.035 ‰). Sample SP-18-26, collected from the
same location as SP-18-27, in contrast, contains garnet and biotite as
main iron carriers, and its isotopic composition is thus lighter (δ56Fe =

+0.004 ± 0.043 ‰). Both SP-18-27 and SP-18-26 contain similar pro-
portions of biotite and garnet and only minor pyrrhotite, which, while
having elevated δ56Fe (+0.364 ± 0.044 ‰ and +0.337 ± 0.044 ‰;
Fig. 5; Table 2), exerts little control on the bulk-rock δ56Fe. Therefore,
the large isotopic difference between these two samples is attributed to
the significant presence of ilmenite in SP-18-27. It is also worth noting
that garnet plays an essential role in the isotopic composition of samples
from the Zealand unit. Since most iron in garnet is located in a cubic site,
with high coordination number, garnet preferentially partitions light
iron isotope species. Thus, samples in which garnet is lacking (or occurs
in relatively low amounts) tend to show heavier isotopic compositions
(>+0.119‰).

Isotopic heterogeneities in the metasedimentary source of the GLB
can result from metamorphism starting at low grade and culminating in
partial melting. During prograde metamorphism, iron is generally
mobilized between different phases through metamorphic reactions
from lower-greenschist to granulite facies (Slotznick et al., 2018).
Fractionation of iron isotopes is, therefore, a natural outcome of the
metamorphic process. However, the magnitude and direction of the
isotopic fractionation will depend on the P–T conditions, the stable
mineral assemblages, and the extent of fluid exchange within and out of
the system (Valley, 1986). For rocks from the Zealand unit, there is no
apparent correlation between metamorphic grade and δ56Fe values
(Fig. 5), suggesting that increasing P–T conditions during prograde
metamorphism have a negligible or non-systematic effect on the iron
isotope composition of the metasediments.

Fig. 5. δ56Fe of rocks from the GLB and the Zealand unit. Bulk-rock analyses of granite samples are shown in red, metapelites in orange, and the restite in dark blue;
sulfides from four metapelites and a granite sample are shown in green. Colored vertical lines are averages for granites (red) and metapelites (orange). The grey
vertical region is the average mantle composition (+0.025 ± 0.025 ‰; Craddock et al., 2013). The presence and abundance of iron-bearing minerals for granite
samples are shown qualitatively in the square grid diagrams. Mineral abundance was visually estimated from thin sections using a reference chart for modal pro-
portions (Terry and Chilingar, 1955). The GLB zones for granite samples and metamorphic zones for metapelites are shown in the columns to the right.
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The role of fluid transfer on iron isotope fractionation during meta-
morphismmay be relatively minimal, although it has yet to be studied in
detail. In an open system, prograde metamorphism is dominated by
mineral dehydration and fluid loss from the system (Guiraud et al.,
2001). An overall decrease of light isotopic species is thus expected as
ferrous iron tends to be more soluble in aqueous fluids at metamorphic
conditions than ferric iron (Azimov and Bushmin, 2007). If external
fluids are introduced, by contrast, retrograde metamorphism will pro-
duce hydrated phases, and the isotopic composition of the system will
move towards the composition of the fluids. However, large fluid-to-
rock ratios would be required to significantly modify the isotopic
composition of the host rock, as most metamorphic fluids typically have
low iron contents (i.e., ≪1 wt%; Yardley, 2005, 2013; Hermann et al.,
2013; Yardley and Bodnar, 2014). For example, as much fluid as rock
mass must be expelled from (or introduced to) the system to change the
δ56Fe by ±0.1‰ (i.e., a fluid-to-rock ratio of ~2:1–3:1 in volume). This
estimate assumes 1 % and 5 % iron contents and initial δ56Fe values of
− 0.5 ‰ and 0.1 ‰ for the fluid and the rock, respectively (Yardley,
2005; Dauphas et al., 2017).

Progressive metamorphism is generally expected to homogenize
isotopic variability given sufficient time at elevated temperatures (Frost
et al., 2007; Dauphas et al., 2007a, b; Hyslop et al., 2008). However, the
development of metamorphic foliation and the growth of porphyroblasts
can result in domains (i.e., bands) with contrasting isotopic composi-
tions and large inter-mineral isotopic heterogeneities, as these processes
are accompanied by significant mass transfer (Ague, 1991, 2014).
Mineral recrystallization is thus expected to result in the redistribution
of isotopic species. Heavier iron isotopes will be preferentially incor-
porated in phases with low coordination, whereas lighter isotopes will

follow phases with iron in high coordination (Bigeleisen and Mayer,
1947; Urey, 1947; Schauble, 2004). For example, the growth of garnet
and biotite at the expense of chlorite, muscovite, and quartz (Spear,
1993) should result in significant isotopic fractionation, producing
isotopically light garnet and heavier biotite, while the system compo-
sition remains approximately constant. This process is important
because the garnet contribution to biotite dehydration melting at the
solidus is minimal, which means that the effective source isotopic
composition of some SPGs may be heavier than the bulk metasedi-
mentary rock. It is worth noting, however, that inter-mineral equilib-
rium isotopic fractionation does not always seem to be achieved during
burial and metamorphism, or at least not for all phases. For example,
some pyrite grains in metasedimentary samples, from prehnite-
pumpellyite to amphibolite facies, show non-equilibrated δ56Fe com-
positions, consistent with previous studies showing that pre-
metamorphic isotopic signatures can survive high grades of meta-
morphism (Whitehouse and Fedo, 2007; Galić et al., 2017; Marin-
Carbonne et al., 2020; Dupeyron et al., 2023).

Besides iron-bearing aluminosilicates, sulfides are a significant iron
pool for metasedimentary rocks. Even small abundances of sulfides can
significantly influence the bulk-rock isotopic composition as these
phases contain a large amount of iron, and their iron isotope composi-
tion can be as variable as several per mil in δ56Fe (Rouxel et al., 2005;
Dauphas et al., 2017). Sulfides in metasedimentary rocks from the
Zealand unit are dominated by pyrrhotite, likely formed from desulfi-
dation of sedimentary pyrite during metamorphism (Ferry, 1981; Craig
and Vokes, 1993). The transformation of pyrite to pyrrhotite requires an
overall decrease in the Fe/S ratio, which can be accomplished by
introducing dissolved iron in free fluids, reaction with iron-bearing

Table 2
Iron isotope compositions of granites, metapelites, sulfides, and geostandards.

Lithology Sample GLB / Metamorphic Zone n δ56Fe 95 % c.i. 2 SE δ57Fe 95 % c.i. 2 SE

Granites SP-16-34 GLB-5 8 0.187 0.031 0.016 0.266 0.044 0.017
SP-16-33 GLB-5 5 0.111 0.018 0.009 0.183 0.034 0.024
F11-4 GLB-3 8 0.233 0.031 0.021 0.349 0.044 0.039
SP-16-27 GLB-3 8 0.116 0.031 0.018 0.182 0.044 0.026
SP-16-29 GLB-3 7 0.179 0.040 0.019 0.261 0.058 0.023
SP-16-19 GLB-1 6 0.175 0.038 0.020 0.273 0.066 0.033
SP-16-20a GLB-1 5 0.202 0.023 0.019 0.293 0.048 0.035
E19-8 GLB-1 9 0.158 0.037 0.019 0.244 0.053 0.030
SP-16-23 Inclusion-rich zone in GLB-1 6 0.194 0.038 0.021 0.295 0.066 0.030
SP-16-22 Inclusion-rich zone in GLB-1 6 0.315 0.038 0.013 0.476 0.066 0.028
SP-16-24 Inclusion-rich zone in GLB-1 7 0.236 0.019 0.013 0.349 0.031 0.018

Metasedimentary rocks SP-18-34 Sillimanite – K-feldspar 6 0.144 0.017 0.012 0.221 0.026 0.028
SP-16-16 Sillimanite – K-feldspar 9 0.119 0.037 0.019 0.177 0.053 0.032
SP-16-43 Sillimanite 7 0.191 0.035 0.023 0.285 0.056 0.035
SP-16-44 Sillimanite 9 0.189 0.037 0.012 0.274 0.053 0.020
SP-16-11 Garnet 5 − 0.188 0.023 0.008 − 0.274 0.039 0.012
SP-18-27 Garnet 7 0.114 0.035 0.011 0.163 0.056 0.013
SP-18-26 Garnet 6 0.004 0.043 0.016 − 0.001 0.062 0.027
SP-16-37 Andalusite 6 0.147 0.018 0.010 0.216 0.032 0.017
SP-18-8 Biotite-Chlorite 6 0.135 0.038 0.012 0.208 0.066 0.019
SP-18-6 Biotite-Chlorite 9 0.086 0.044 0.008 0.132 0.068 0.009
SP-18-5 Biotite-Chlorite 9 0.166 0.044 0.017 0.231 0.068 0.028

Restite SP-16-30 Inclusion in GLB-3 6 0.000 0.043 0.016 0.002 0.062 0.039
Sulfides SP-18-26 Garnet 8 0.364 0.044 0.020 0.559 0.069 0.040

SP-18-27 Garnet 8 0.337 0.044 0.018 0.495 0.069 0.027
SP-16-16 Sillimanite – K-feldspar 8 0.198 0.044 0.056 0.306 0.069 0.090
SP-16-20a GLB-1 8 0.109 0.025 0.021 0.186 0.041 0.043
SP-16-11 Garnet 8 − 0.337 0.025 0.019 − 0.499 0.041 0.040

Sample δ56Fe 2 SE ref.* δ57Fe 2 SE ref.*

Geostandards AGV-2 0.107 0.002 0.105 ± 0.011 ‰ 0.151 0.010 0.146 ± 0.016 ‰
BHVO-1 0.105 0.004 0.105 ± 0.008 ‰ 0.166 0.009 0.161 ± 0.012 ‰

ref.* Craddock and Dauphas (2011).
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silicates or oxides, or loss of sulfur to a fluid phase (Ferry, 1981; Craig
and Vokes, 1993; Bucholz et al., 2020). The latter is likely the dominant
mechanism of pyrrhotite formation in pyrite-poor, mica-rich sediments

because dehydration reactions during prograde metamorphism can
drive pyrite breakdown, which requires sulfur loss to maintain equilib-
rium conditions (Tomkins, 2010; Bucholz et al., 2020). If this is the case,
the iron isotope composition of pyrrhotite should be similar to that of its
pyrite precursor.

In summary, the relative abundance of iron-bearing phases controls
the isotopic composition of metapelites from the Zealand unit. Iron
transfer during metamorphic reactions can drive isotopic fractionation
between phases and distinct chemical domains formed during meta-
morphism. However, the bulk sediment will likely preserve a composi-
tion similar to that of the protolith (Frost et al., 2007; Dauphas et al.,
2007a, b; Hyslop et al., 2008; Marin-Carbonne et al., 2020; Dupeyron
et al., 2023). Iron mobility during metamorphism can be regarded as a
process occurring under near-closed system conditions, where fluid ex-
change may contribute minimally to the composition of the metasedi-
mentary rocks. Hence, the range of isotopic compositions of the
metasedimentary rocks from the Zealand unit likely represents the
compositions of the source sediment and its isotopic variability. Spe-
cifically, samples dominated by biotite as the primary iron host,
including the restitic sample SP-16-30, are likely close to the effective
isotopic composition of the source with δ56Fe values between 0 ‰ and
0.191‰.

6.2. Controls on equilibrium isotope fractionation during anatexis

Before discussing the isotopic composition of granitic rocks from the
GLB, it is important to consider the variables that control isotopic
fractionation once the system has crossed the solidus. Equilibrium

Fig. 6. Phase equilibrium modeling results for a metapelite with the composition of sample SP-16-16. The calculations were done at a constant pressure of 0.4 GPa,
ranging from 600 ◦C to 1000 ◦C under three different oxygen fugacity conditions: FMQ-2 (a–c), FMQ (d–f), and FMQ + 2 (g–i). Panels in the column to the left display
the modal proportions in mol% for all the equilibrium phases in the system, the middle column shows the modal proportion in mol% for Fe-bearing phases only, and
the column to the right displays the fraction of the total amount of iron in the system that each Fe-bearing phase contains. The vertical dashed line marks the position
of the solidus, and the solid line indicates the appearance of orthopyroxene in the mineral assemblage near the end of biotite dehydration melting.

Fig. 7. Predicted iron isotope fractionation between granitic melts and com-
plementary residues produced by partial melting of metapelite SP-16-16 at 0.4
GPa. Oxygen fugacity conditions are FMQ-2 (blue), FMQ (green), and FMQ-2
(orange). Circles with variable sizes represent melt fractions varying from 10
% to 80 %. Vertical lines mark the approximate temperature of orthopyroxene
stability and biotite exhaustion.
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isotopic fractionation during partial melting can be assessed in terms of
variations in force constants, [F], for the melt and its complementary
residue. These variations in [F] values reflect changes in the composition
of coexisting phases, the mineral assemblage, and oxygen fugacity of the
system (Fig. 8a). [F]melt decreases with decreasing melt SiO2 content and
Fe3+/ΣFe, which occurs as temperature and melt fraction increase.
Changes in temperature and melt fraction strongly influence δ56Femelt,
with maximum fractionation between the melt and the source ranging
from ~+0.1 to +0.3 ‰ (Fig. 8b). Likewise, δ56Feresidue only deviates
significantly from the source isotopic composition at large melt fractions
(Fig. 8b). Mineral Fe3+/ΣFe ratios and the relative proportion of iron-
bearing minerals in equilibrium with the melt control the magnitude
of [F]residue, as this quantity represents a weighted average of the force
constants for all the solid phases in the system (Fig. 8c). Thus, isotopic
fractionation between the melt and the residue are expected to decrease
in a non-monotonic fashion as partial melting progresses (Fig. 8a-b).

6.2.1. Availability of water during melting
The initial water content of the system strongly controls the solidus

temperature and the amount and composition of melt produced during
partial melting. However, the difference in predicted δ5⁶Femelt values
between water-undersaturated and water-saturated models at

equivalent temperatures is relatively small (Supplementary Fig. S5).
Additionally, calculated melt compositions under minimally water-
saturation conditions at the solidus are consistent with major element
and isotopic compositions observed in natural SPGs (see Supplementary
Material for discussion). This, along with the observation that fluid-
absent reactions dominate the formation of granitic rocks produced by
partial melting (Stevens and Clemens, 1993; Clemens et al., 2020),
suggests that minimal water-saturation at the solidus is a reasonable
assumption for SPG generation. In contrast, while fluid-excess melting
may be important for generating leucosomes in some anatectic mig-
matites, the low pore space in metamorphic rocks restricts the avail-
ability of free fluid, thereby limiting the potential for substantial
production of granitic rocks through fluid-excess reactions (Stevens and
Clemens, 1993).

6.2.2. Effects of melt loss
Melt loss events (MLE) in open systems drive changes in the bulk

composition of the system during anatexis. Such changes result in
different phase compositions and mineral assemblages as compared to
batch melting, which translates into distinct isotopic fractionation be-
tween the melt and the residue. However, melt extraction during biotite
dehydration melting leads to only small differences in Δ56Femelt-residue

Fig. 8. Variation of parameters relevant to iron isotope fractionation during partial melting of metapelite SP-16-16 at 0.4 GPa. In all panels, continuous lines
represent the melt, and dashed lines are the solid residue. The different line colors represent different redox conditions of the system: FMQ-2 (blue), FMQ (green), and
FMQ+2 (orange). Circles with variable sizes represent melt fractions varying from 10 % to 80 % in increments of 10 %. (a) Changes in the force constant of the melt
phase and the residue as the temperature increases. (b) Relationship between δ56Fe, melt fraction, and system temperature. The squares mark the temperature of the
system at the corresponding melt fraction. (c) Fe3+/ΣFe for the melt and the solid residue as temperature increases. For the melt, the ferric iron content is estimated
using the formulation from Kress and Carmichael (1991), as the thermodynamic model for the melt from White et al. (2014a) do not include Fe3+. (d) Difference in
Δ56Femelt-residue for partial melting at 0.4 GPa (continuous lines) and 0.3 GPa (dotted lines).
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values relative to fractionation values predicted for batch melting at
equivalent temperatures. Overall, the δ56Fe of partial melts produced in
a system that undergoes melt extraction would only deviate from values
for batch melting when biotite is completely exhausted, with estimated
differences of less than 0.05 ‰ (Fig. S6). Conversely, continuous ag-
gregation of melt batches from successive MLEs forms hybrid melts that
are more strongly influenced by isotopic composition of the earliest
batches. As a result, aggregated melts generated at temperatures above
biotite-out boundary tend to resemble the isotopically heavier melts
produced during biotite dehydration melting (Fig. S6).

6.2.3. Oxygen fugacity
Oxygen fugacity is also expected to influence the extent of isotopic

fractionation, having a strong control on the stability of iron-bearing
phases and Fe3+/ΣFe ratios (Fig. 8c). For example, up to ~15 mol%
garnet is produced during partial melting of SP-16-16 at 0.4 GPa at
reducing conditions (i.e., FMQ-2 or FMQ oxygen fugacity), but under
more oxidizing conditions (e.g., FMQ+2), approximately the same
amount of magnetite would be produced instead of garnet (Figs. 6 and
7). Although such oxidizing conditions are unlikely to have existed
during partial melting of the Zealand metasedimentary rocks, replacing
garnet with magnetite would result in lower isotopic fractionation be-
tween the melt and the residue. Thus, granitic melts derived during
partial melting of pelitic metasedimentary rocks under higher oxygen
fugacity conditions are expected to be isotopically heavier than those
formed at lower oxygen fugacity at low temperatures (<775 ◦C) and
isotopically lighter at higher temperatures.

Differences in the iron isotope compositions of melts produced under
different fO2 conditions can be resolvable with current analytical pre-
cision, particularly for granitic samples representing low melt fractions.
However, retrieving redox conditions from Fe isotopes in natural granite
samples would necessitate complementary information about the major-
element and isotopic composition of the protolith, as well as estimates of
the melt fraction and metamorphic conditions at which the melt formed.
It is also worth noting that overlapping regions in the iron isotope
composition of melts produced at different oxygen fugacity may exist.
For example, at ~750 ◦C or ~40 mol.% melt, the model for partial
melting of the Zealand unit predicts nearly the same Fe isotope
composition for all considered fO2 conditions (Fig. 8b and 8d), rendering
Fe isotopes ineffective as a redox indicator in such cases. Nevertheless,
even under variable fO2 conditions, the predicted iron isotope compo-
sitions of SPGs and their complementary residual lithologies display
smaller fractionation relative to their source than the large variability
observed in the sedimentary record.

6.2.4. Pressure
Finally, the pressure conditions during metamorphism and anatexis

can affect isotopic fractionation between the melt and the complemen-
tary residue (Fig. 8d). During the modeled melting behavior of SP-16-16,
the stability field of biotite extends to higher temperatures at 0.4 GPa
compared to 0.3 GPa as additional H2O is necessary to minimally
saturate the system at the solidus (see Supplementary Fig. S2). As a
result, biotite dehydration melting occurs over a wider temperature
range and produces more extensive melting at 0.4 GPa (~60mol%) than
at 0.3 GPa (~40 mol%). The difference in Δ56Femelt-residue between the
two pressures from the solidus to the temperature of biotite exhaustion
at 0.3 GPa is minimal since partial melting in both cases is caused by
H2O released from biotite reacting with feldspar and quartz to produce
melt + garnet (Spear, 1993). However, the amount of garnet produced
during biotite dehydration controls the magnitude of Δ56Femelt-residue.
For example, in the FMQ-2 and FMQ models, isotopic fractionation at
0.4 GPa increases by ~0.18‰ from~750 ◦C to ~810 ◦C before biotite is
completely consumed, as the melting reaction also produces a signifi-
cant amount of garnet (Fig. 8d). At 0.3 GPa, only a small amount of
garnet is produced, and Δ56Femelt-residue decreases nearly monotonically
until biotite is exhausted (Fig. 8d). In general, garnet stability increases

with pressure, but it also depends on the major element composition of
the system. With SP-16-16, a small proportion of garnet is stable at 0.3
GPa over a reduced temperature range; other more Al- or Mn-rich
metapelite compositions, however, may stabilize more garnet at these
pressure conditions, resulting in significant isotopic fractionation be-
tween the melt and the stable mineral assemblage.

In summary, the iron isotopic composition of SPGs is controlled by
several factors during partial melting. Variations in mineral chemistry
and metamorphic conditions lead to changes in the iron bonding envi-
ronment, which translate into variable iron force constant values for the
melt and residue phases. The initial H2O content controls the position of
the solidus, as well as the melt fraction and composition. For all H2O
contents, isotopic fractionation between the melt and the complemen-
tary solid is greatest near the solidus and decreases as the proportion of
iron in the melt increases. However, regardless of the initial hydration
state of the system, melts generated at the same temperature conditions
are predicted to have similar δ56Femelt. Furthermore, the stability of
iron-bearing phases is strongly dependent on fO2 conditions, thus
influencing the extent of isotopic fractionation. Partial melts produced
under different fO2 conditions may be distinguished with current
analytical precision if the protolith composition and metamorphic
conditions are known. It is also possible for melts produced under
different fO2 conditions to have identical δ56Femelt compositions, in
which case Fe isotopes cannot be used as redox proxies. Pressure con-
ditions also play a role, affecting the stability and proportion of minerals
like garnet and biotite, which in turn influence isotopic fractionation
between the melt and the solid residue. The interplay of these variables
results in granitic melts and restitic rocks that generally reflect the iso-
topic composition of their metasedimentary sources, with only minor
fractionation relative to the source.

6.3. Equilibrium Fe isotope fractionation in the GLB

There is general agreement between the iron isotope composition of
the granite samples and their mineralogy. Relatively high δ56Fe values
(~+0.2–0.3 ‰) correspond to samples in which biotite and accessory
ilmenite are the main iron-bearing phases (Fig. 5). In contrast, the iso-
topic composition of SP-16-33, with the lowest δ56Fe among the granite
samples (+0.111 ± 0.018‰), is strongly influenced by abundant garnet
and tourmaline in similar modal proportions. Although we did not
measure individual garnet grains, garnet is expected to be isotopically
light and can significantly lower the whole-rock isotopic composition
when present in a large proportion (Fig. 5). Tourmaline in equilibrium
with garnet is expected to have a higher δ56Fe (Nie et al., 2021), but its
contribution to the whole-rock isotopic composition is less than that of
garnet because it contains less iron (~13 wt% FeO in tourmaline versus
~36 wt% FeO in garnet for sample SP-16-33; Supplementary Table S3).
The higher δ56Fe of sample SP-16-34, also containing garnet + tour-
maline, can be explained by a larger proportion of biotite.

Equilibrium isotopic fractionation due to biotite dehydrationmelting
can explain the, on average, higher δ56Fe of the GLB compared to the
Zealand unit metasedimentary rocks (+0.192 ‰ versus +0.101 ‰,
respectively). The predicted Δ56Femelt-residue is at a maximum during the
later stage of biotite dehydration melting for the FMQ and FMQ-2 oxy-
gen buffers (~800–810 ◦C), reaching values of ~+0.300 ‰ and
~+0.250 ‰, respectively (Fig. 7). The shape of the Δ56Femelt-residue
model is almost identical to the δ56Femelt, as the transfer of iron to the
melt is minor, and the iron fraction in the residue is considerably higher
than in the melt (Figs. 7, 8d, and 9). Thus, biotite dehydration melting
causes significant isotopic fractionation between the melt and the source
(up to ~0.250–0.300 ‰), but negligible fractionation between the
source and the residue (<0.012 ‰ at ~800–810 ◦C). Thus, the restitic
sample SP-16-30, with δ56Fe of 0‰, represents a reasonable estimate of
the isotopic composition of the source for the GLB magmas, in addition
to the metapelites from the Zealand unit.

Fig. 9 shows the predicted δ56Femelt assuming the source to have the
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range of isotopic compositions observed in Zealand unit metasedi-
mentary rocks (i.e., δ56Fe from –0.188 to+0.191‰, averaging+0.1‰).
The range of isotopic compositions measured in the granite samples
varies between+0.111± 0.018‰ and+0.315± 0.038‰ (grey band in
Fig. 9), which is a narrower range (0.204 ‰) than that defined by the
metasedimentary samples (0.379 ‰), partly explained by isotopic ho-
mogenization during anatexis (see Section 6.4). Calculated δ56Femelt
values at the onset of melting (~680 ◦C) increase with increasing oxygen
fugacity, reaching a peak at the onset of partial melting in all modeled
redox conditions and also at the latter stages of biotite dehydration
melting in the case of the FMQ-2 and FMQ oxygen buffers. Progressive
lowering of δ56Femelt values is expected for the FMQ+2 buffer during
biotite dehydration melting as magnetite stabilizes instead of garnet.
However, the absence of equilibrium assemblages containing magnetite
or other highly oxidized species suggests that magma generation for the
GLB occurred under more reduced conditions, as determined by previ-
ous work (maximum inferred oxygen fugacity of ~FMQ-1; Bucholz
et al., 2018).

The range of δ56Fe measured in the granites is contained within the
calculated δ56Femelt values for the FMQ-2 and FMQ models during bio-
tite dehydration melting, using the range of observed compositions from
the Zealand unit (− 0.188 ± 0.023 to +0.191 ± 0.035 ‰) (Fig. 9).
However, when considering the mean δ56Fe of the Zealand unit meta-
sedimentary rocks as the source composition (+0.101 ‰), only the
heaviest granite compositions (>+0.277‰) are predicted by the FMQ-2
model at temperatures<850 ◦C, whereas the FMQmodel predicts higher
δ56Femelt than the values measured in most the granite samples
(>+0.310 ‰). Excluding the sulfide-rich metapelite SP-16-11 from the
metasedimentary average and assuming the source composition is 0‰,
the FMQ-2 model predicts most of the measured granite iron isotope
compositions except for values < +0.177 ‰, whereas the FMQ model
predicts the heaviest granite (>+0.210‰) compositions.

In summary, the iron isotope compositions of granite samples from
the GLB reflect their mineral content. High δ56Fe values are associated
with biotite and ilmenite, and the lowest to garnet and tourmaline-rich
samples. Equilibrium iron isotope fractionation due to biotite dehydra-
tion melting at low oxygen fugacity (FMQ-2 and FMQ buffers) accounts
for measured isotopic differences between the GLB and the Zealand unit

metapelites (~0.12–0.30 ‰). This process also results in negligible
fractionation between the source and the solid residue, consistent with
previous studies on iron isotope fractionation between strongly per-
aluminous granites and their source (Telus et al., 2012; Xu et al., 2017;
Nie et al., 2021). Thus, restitic lithologies, like sample SP-16-30, may
closely approach the bulk composition for the source of SPG magmas.

Furthermore, most measured δ56Fe values in granite samples from
the GLB can be explained by equilibrium isotope fractionation during
biotite dehydration melting under reducing conditions, if the source has
δ56Fe of 0 ‰. In contrast, the average δ56Fe measured in metapelite
samples (+0.101 ‰) can only account for isotopically heavy granite
samples. In general, the source composition dictates the equilibrium
δ56Fe composition of granite samples. Thus, if equilibrium fractionation
is the process that contributes the most to the iron isotope composition
of SPGs, these rocks can be used to trace the composition of their sedi-
mentary source.

6.4. Isotopic variability within the GLB

While the range of Fe isotope compositions in granite samples from
the GLB is relatively narrow (~0.2 ‰), equilibrium fractionation be-
tween SPG magmas and the average composition of their source can
only account for δ56Fe values greater than +0.177‰. In this section, we
explore the roles of assimilation, magmatic differentiation, and fluid
exsolution, processes that are likely to occur during anatexis and bath-
olith emplacement. Specifically, we discuss whether these processes
could impart the magmas from which the GLB crystallized with an iso-
topic composition that is lighter than what equilibrium fractionation
models predict.

The amount of restitic or source/host rocks required to be mixed in
the melt to explain the lowest δ56Fe values measured in the granite
depends on the composition of the source. For example, using the FMQ-2
model at ~770 ◦C with a source δ56Fe = +0.1‰ and FeO = 5 wt%, the
calculated δ56Femelt is ~+0.3 ‰ with a FeO content of ~1 wt%.
Assimilation of ~20–80% bymass of source or restitic rocks is needed to
produce melt compositions with δ56Fe between +0.1 and +0.2 ‰. By
contrast, assuming a source δ56Fe = 0‰, the δ56Fe of the melt is ~+0.2
‰ at ~770 ◦C, which would require less than 15 % of source rock or

Fig. 9. Predicted iron isotope compositions for granitic SPG melts (top panels) and complementary residues (bottom panels) produced by partial melting of met-
apelite SP-16-16 at 0.4 GPa at variable oxygen fugacity conditions: (a) FMQ-2 (blue), (b) FMQ (green), and (c) FMQ+2 (orange). In the top panels, continuous lines
are the predicted isotopic compositions with variable source compositions, whereas dotted lines are predicted melt iron isotope compositions with the mean δ56Fe of
the Zealand unit metasedimentary rocks (0.1 ‰). The gray region is the range of measured isotopic compositions for the GLB. Circles with variable sizes represent
melt fractions varying from 10 % to 80 % in increments of 10 %. In the bottom panels, the purple region is the isotopic composition of the restitic sample SP-16-30.
Colored dashed lines mark the range of predicted isotopic compositions for the residual assemblages produced during partial melting with source δ56Fe compositions
varying from − 0.188‰ to 0.191‰ (the range measured in Zealand unit rocks). The hatched area is the range of isotopic compositions measured in the metapelite
samples from the Zealand unit.
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restite to produce the lowest granite compositions measured. It is also
possible for the melt to assimilate peritectic phases such as garnet. For
instance, if a melt containing 1% FeO and δ56Fe=+0.3‰ absorbs ~5%
by mass of an almandine-rich garnet composition with 30 % FeO and
δ56Fe = 0 ‰, the δ56Fe of the melt would decrease to +0.12 %. No
correlation between δ56Fe and FeO is observed, however, so peritectic
garnet entrainment is likely not the dominant control on the δ56Fe in the
granites.

During partial melting, assimilation of source rock material can also
result in dissolution of sulfides in the melt as FeS species (Clémente
et al., 2004; Klimm et al., 2012; Bucholz et al., 2020). Less than 1 % of
isotopically light pyrrhotite like that in SP-16-11 would need to be
dissolved in the melt to produce the lowest δ56Fe measured in granite
samples. However, pyrrhotite in the Zealand unit metasedimentary
rocks has variable isotopic composition, with δ56Fe ranging from
− 0.337 to +0.364 ‰ (Fig. 5), and assimilation of isotopically heavy
sulfides could also increase the melt δ56Fe. An example of this process
could be the sample SP-16-22, which has the highest δ56Fe composition
among the measured granite samples. Evidence of sulfide dissolution in
this sample comes from sulfur isotopes showing incomplete re-
equilibration between the melt phase and fluid H2S from pyrite break-
down during assimilation of the metasedimentary host rock (Bucholz
et al., 2020).

An alternative model for the isotopic variability observed in the GLB
is related to the internal differentiation of the magmatic pluton. Granitic
plutons can be understood as variable mixtures of magmatic liquids and
cumulus material produced by magmatic crystallization (Bea et al.,
1994; Chappell and Wyborn, 2004; Chappell and Hine, 2006). During
differentiation, the melt component is expected to have a heavier iron
isotope composition than the cumulate counterpart due to its higher
Fe+3/ΣFe and SiO2 content. If a granite sample represents a large melt-
to-cumulate ratio, its iron isotope composition would be heavier than a
sample with a lower melt component. A simple Rayleigh fractionation
model illustrates this scenario (Fig. 10). Let us consider a crystallizing
liquid produced at ~800 ◦C during partial melting of SP-16-16 at FMQ-

2. The liquid composition is multiply saturated with the phases in the
residual assemblage and will thus start to crystallize the same assem-
blage with a Δ56Femelt-cumulate of ~0.2 % (same as Δ56Femelt-residue). The
melt and crystallizing assemblage become isotopically heavier as frac-
tional crystallization progresses, but the melt is always heavier. If the
cumulate produced after crystallization of the initial 20 % iron fraction
(δ56Fe = +0.04‰) is arbitrarily mixed with the liquid containing 40 %
of the original iron fraction (δ56Fe = +0.38 ‰) in a melt-to-cumulate
ratio of 1:4, the resulting granite δ56Fe will be +0.112 ‰. Local vari-
ability in melt segregation may allow mixing of variable melt-to-
cumulate proportions in addition to mixing of melts and cumulates
produced at different iron fractions. Therefore, the range of iron isotope
compositions measured in the granite samples from the GLB can be
attributed to variable melt-cumulus proportions. In this model, the
average of the metapelites can produce melts with heavier iron isotope
compositions due to equilibrium fractionation. Subsequent partial
crystallization and incomplete magma segregation would produce var-
iable proportions of the cumulate versus melt in the solidified granite.

Hydrothermal fluids exsolved during magma crystallization can
transport significant amounts of metals, forming economic ore deposits
(Richards, 2011; Audétat, 2019). This process can cause iron isotopic
fractionation as the exsolving fluids can remove sufficient iron with a
particular isotopic composition to alter that of the original magma (e.g.,
Wawryk and Foden, 2015; Wang et al., 2021). The extent of isotopic
fractionation depends on the fraction of fluid exsolved from the melt
during crystallization and the iron content of that fluid. The amount of
fluid released is determined by fluid solubility in the magma at specific
P-T conditions, and whether the fluid is released as a free phase or
incorporated into crystallizing hydrous phases. Our phase equilibrium
calculations yield melt compositions with ~6–8 wt% dissolved H2O,
consistent with common estimates for silicic magmas (Clemens, 1984).
On the other hand, the proportion of iron in the fluid is controlled by the
partitioning of iron between the fluid and the magma, which may
depend on factors such as the salinity of the fluid, the magma compo-
sition, and the depth of exsolution (Simon et al., 2004; Zajacz et al.,

Fig. 10. Rayleigh fractionation model illustrating fractional crystallization of a melt (continuous line) and corresponding cumulus assemblage (dashed line) as the
fraction of iron decreases with decreasing temperature. The initial melt has a δ56Fe = 0.2 ‰, similar to that produced at 800 ◦C with the FMQ-2 model. The
fractionation factor between the melt and the crystallizing assemblage (Δ56Femelt-cumulate) is assumed to be 0.2‰ (αmelt-cumulate = 1.0002). The white dots represent,
respectively, an arbitrary melt when the remaining iron fraction is 0.4 and a cumulus assemblage produced when the iron fraction in the melt was 0.8. Mixing 20 %
melt with 80 % cumulate results in a granite isotopic composition of δ56Fe = 0.112 ‰.
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2008). The partition coefficients between magmatic-hydrothermal
fluids and melt (Dfluid/melt) can vary by one to two orders of magni-
tude, with a strong dependence on the chlorine content of the fluid
(Zajacz et al., 2008; Audétat, 2019). Accordingly, Fe contents in
magmatic fluids can range from less than 1 wt% up to ~5 wt% (e.g.,
Audétat and Pettke, 2003; Zajacz et al., 2008; Bartoli et al., 2013;
Audétat, 2019). To decrease δ56Femelt, however, the fluid must be
isotopically heavier than the crystallizing magma, which contradicts
Δ56Fefluid-melt estimations for chlorine-bearing fluids in equilibrium with
magmas produced by partial melting of the GLB protolith (see Supple-
mentary Material). Thus, fluid exsolution may not have significantly
impacted the isotopic composition of granite samples from the GLB.
However, this process may still be important for the iron isotope
composition of other granites (Poitrasson and Freydier, 2005; Heimann
et al., 2008), including SPGs where large amounts of iron-rich fluids
have been exsolved (e.g., Wawryk and Foden, 2015).

In summary, assimilation of source/host rock or sulfides with lighter
iron isotope composition could drive the composition of isotopically
heavy partial melts to lower δ56Fe values. However, no correlation exists
between δ56Fe values and FeOT in the GLB samples (see Supplementary
Fig. S4), indicating that entrainment and assimilation of restites, host
lithologies, peritectic phases, or sulfides probably did not significantly
contribute to most granite iron isotope compositions. Alternatively, the
iron isotope variability in granite samples could be attributed to variable
proportions of granitic melt and cumulate minerals (such as biotite,
garnet, and Fe-Ti oxides). In this case, granite samples with low δ56Fe
values would be indicative of lower melt-to-cumulus ratios, whereas
isotopically heavier granites may be closer to crystallized liquids, with
iron isotope compositions mainly controlled by equilibrium
fractionation.

6.5. Implications for iron isotopes in SPGs and their relationship with the
sedimentary record

Although the results we present here are specific to the GLB, the
implications extend to most SPGs. Metamorphism and partial melting
can both cause iron isotope fractionation between SPGs and their sedi-
mentary sources. The influence of metamorphism, however, is expected
to be minimal, as progressive fluid loss from the protolith during
metamorphism may not significantly modify its composition. Moreover,
prograde metamorphism is expected to partially redistribute iron iso-
topes among stable phases, minimizing inter-mineral heterogeneities
without significantly affecting the bulk isotopic composition of the
protolith. Consequently, the iron isotope composition of SPG protoliths
should closely resemble the average composition of the original sedi-
mentary rock before metamorphism.

Most isotopic fractionation occurs during partial melting, resulting in
relatively small isotopic differences between SPGs and their sources. The
magnitude of this equilibrium fractionation depends on several inter-
dependent factors, including the composition of the phases involved in
partial melting reactions, P-T conditions, and the oxidation state of the
system. For reduced sedimentary sources typical of most SPGs,
maximum isotopic fractionation may occur at two distinct points: the
earliest stages of partial melting, close to the wet granite solidus, or at
temperatures close to near-complete biotite dehydration melting. The
former could be related to some anatectic migmatites, while the latter
could be more likely recorded in larger granitic bodies like SPG batho-
liths, most often formed through fluid-absent melting reactions (Stevens
and Clemens, 1993; Clemens and Watkins, 2001; Clemens, 2003;
Clemens et al., 2020). It is noteworthy that the magnitude and direction
of isotopic fractionation between SPGs and their source is controlled by
the conditions at which partial melting occurs, which are likely specific
to each locality. However, the extent of equilibrium fractionation is
expected to remain within a few tenths of a permil for most SPGs, as the
major element compositions of sedimentary protoliths and derived
partial melt compositions are relatively uniform over time and space

(Sylvester, 1998; Clemens, 2003; Nabelek, 2020; Bucholz and Spencer,
2019).

Additional processes during batholith emplacement and magma
crystallization can also influence the isotopic composition of partial
melts. These include assimilation of isotopically lighter lithologies and
minerals from the source or host rock, entrainment of iron-bearing
peritectic phases like garnet, and exsolution of chlorine-rich fluids
enriched in Fe. Moreover, granite rocks can consist of mixtures of
crystallized liquid and cumulus minerals, each with distinct isotopic
compositions. Variable proportions of these components in granite
samples will lead to variations in their iron isotope composition.
Notably, while these processes can modify the iron isotope composition
of SPGs, the deviations from equilibrium fractionation are expected to
be minor.

Importantly, SPGs not only inherit isotopic compositions close to
that of their source but also display a significantly smaller range of
variation in iron isotope compositions compared to sedimentary rocks.
For example, while the Archean and Proterozoic bulk-rock sedimentary
record exhibits a dispersion exceeding 2 ‰, variability in SPGs is only
~0.2‰ (Fig. 11). Even within individual sedimentary formations, bulk-
rock samples can exhibit δ56Fe variability >1‰ (e.g., Yamaguchi et al.,
2005; Johnson et al., 2008; Bekker et al., 2010; Fabre et al., 2011;
Busigny et al., 2014; Heard et al., 2020; Ostrander et al., 2022). The
smaller range of variability in SPGs likely results from isotopic homog-
enization of the partially melted protolith during anatexis and the
dominant source of Fe being derived from detrital minerals in the pro-
tolith (rather than chemical). Therefore, SPGs can serve as a reliable
archive of the iron isotope evolution in the bulk siliciclastic sedimentary
record.

7. Conclusions

Fe isotope fractionation between SPGs and their metasedimentary
source results from a complex interplay between metamorphic and
magmatic processes during anatexis. Equilibrium isotopic fractionation
during partial melting is primarily controlled by the iron isotope
composition of the protolith, which can be diverse even within the same
unit. Metamorphism may cause only minimal isotopic fractionation so
that the protolith likely reflects the isotopic signature of the sedimentary
source. However, inter-mineral fractionation can persist or develop at
high metamorphic grades.

As partial melting progresses, the equilibrium mineral assemblage
controls the Fe isotope composition of the melt. Both mineral stability
and phase compositions change in response to variations in the P–T
conditions of the system and are strongly dependent on fO2. It is
commonly assumed that higher temperatures lead to lower isotopic
fractionation between phases at equilibrium, such as melt and restitic
phases. However, temperature changes can stabilize phases with a
different iron bonding environment and alter the average force constant,
[F], of the solid phases, thereby varying the extent of isotopic frac-
tionation between the melt and the residual assemblage. Similarly,
variations in pressure can affect the stability field of phases like garnet at
a given temperature, which can impact the extent of isotopic fraction-
ation between the melt and the residue. Significant differences in iron
isotope fractionation are also expected between melts produced under
contrasting fO2 conditions. For reduced metasedimentary sources,
typical of those inferred for the generation of SPG magmas, the
maximum isotopic fractionation between the melt and the residue is
predicted at low melt fractions and at temperatures approaching near-
complete biotite dehydration melting.

Since anatexis can homogenize the isotopic composition of the
sedimentary protolith, the average source composition determines the
iron isotope composition of partial melting products. Isotopic differ-
ences between SPGs and their source can be attributed to equilibrium
fractionation during biotite dehydration melting, while restitic lithol-
ogies exhibit almost no fractionation from the source. Other processes
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occurring during anatexis and magma emplacement may cause isotopic
variability in SPGmagmas. These processes, however, have only a minor
contribution to the iron isotope composition of SPGs relative to equi-
librium fractionation. Therefore, SPGs and associated restitic rocks can
provide a reliable record of the iron isotope evolution in sedimentary
rocks. This is further evidenced by the small range of variability in SPGs
compared to the broader sedimentary record.

In sum, the Fe isotope composition of SPGs is controlled by the iso-
topic composition of their sedimentary protolith. While it is essential to
consider other factors, such as P-T and fO2 conditions during melt gen-
eration, as well as processes during magma segregation and granite
emplacement, the extent of iron isotope fractionation they introduced is
minimal when compared to broader isotopic variations in the sedi-
mentary record. The Fe isotope variability in SPGs is ~0.2 ‰, signifi-
cantly smaller than variations exceeding 2‰ found in the sedimentary
record (Fig. 11). Hence, SPGs can represent a reliable proxy to track
changes in the iron isotope composition of siliciclastic sedimentary rocks
over time (Fig. 1a).
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Appendix A. Supplementary material

This supplementary material presents additional information on iron
isotope fractionation during partial melting of metapelites and the
generation of SPGs, including: 1) the effects of variable hydration states
on the Fe isotope composition of melts; 2) the influence of melt loss on
the Fe isotope composition of melts and residues; 3) the Fe isotope
fractionation between fluid and melt during fluid exsolution; 4) addi-
tional figures showing the Fe isotope composition of SPG and meta-
sedimentary samples versus whole-rock chemistry; and 5) tables
containing whole-rock geochemistry and petrographic observations for
all samples. Supplementary material to this article can be found online
at https://doi.org/10.1016/j.gca.2024.07.016.
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